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The Cretaceous–Paleogene (K–Pg) mass extinction event 66 million years ago led to large changes to the global carbon cycle,
primarily via a decrease in primary or export productivity of the oceans. However, the eﬀects of this event and longer-term envi-
ronmental changes during the Late Cretaceous on the global sulfur cycle are not well understood.We report new carbonate asso-
ciated sulfate (CAS) sulfur isotope data derived from marine macrofossil shell material from a highly expanded high latitude
Maastrichtian to Danian (69–65.5 Ma) succession located on Seymour Island, Antarctica. These data represent the highest res-
olution seawater sulfate record ever generated for this time interval, and are broadly in agreement with previous low-resolution
estimates for the latest Cretaceous and Paleocene. A vigorous assessment of CAS preservation using sulfate oxygen, carbonate
carbon and oxygen isotopes and trace element data, suggests factors aﬀecting preservation of primary seawater CAS isotopes in
ancient biogenic samples are complex, and not necessarily linked to the preservation of original carbonate mineralogy or chem-
istry. Primary data indicate a generally stable sulfur cycle in the early-mid Maastrichtian (69 Ma), with some ﬂuctuations that
could be related to increased pyrite burial during the ‘mid-Maastrichtian Event’. This is followed by an enigmatic +4‰ increase
in d34SCAS during the late Maastrichtian (68–66 Ma), culminating in a peak in values in the immediate aftermath of the K–Pg
extinction which may be related to temporary development of oceanic anoxia in the aftermath of the Chicxulub bolide impact.
There is no evidence of the direct inﬂuence of Deccan volcanism on the seawater sulfate isotopic record during the late Maas-
trichtian, nor of a direct inﬂuence by the Chicxulub impact itself. During the early Paleocene (magnetochron C29R) a prominent
negative excursion in seawater d34S of 3–4‰ suggests that a global decline in organic carbon burial related to collapse in export
productivity, also impacted the sulfur cycle via a signiﬁcant drop in pyrite burial. Box modelling suggests that to achieve an
excursion of this magnitude, pyrite burial must be reduced by >15%, with a possible role for a short term increase in global
weathering rates. Recovery of the sulfur cycle to pre-extinction values occurs at the same time (320 kyrs) as initial carbon cycle
recovery globally. These recoveries are also contemporaneous with an initial increase in local alpha diversity of marine macro-
fossil faunas, suggesting biosphere-geosphere links during recovery from the mass extinction. Modelling further indicates that
concentrations of sulfate in the oceans must have been 2 mM, lower than previous estimates for the Late Cretaceous and Pale-
ocene and an order of magnitude lower than today.
 2018 The Authors. Published by Elsevier Ltd. This is an open access article under the CC BY license (http://creativecommons.org/
licenses/by/4.0/).
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The Cretaceous–Paleogene (K–Pg) mass extinction
event of 66 Ma is not only the most recent of the Phanero-
zoic ‘Big Five’ mass extinctions (Bambach, 2006), but also
the most well-known and best-studied. The leading hypoth-
esis for the cause of this extinction remains a major bolide
impact (Alvarez et al., 1980) and the consequential rapid
and severe global environmental changes (Schulte et al.,
2010). However, the K–Pg extinction event occurred during
a time of longer-term environmental changes. These include
climate (Wilf et al., 2003; Bowman et al., 2013; Thibault,
2016) and sea level ﬂuctuations (Kominz et al., 2008;
Haq, 2014), and large igneous province (LIP) volcanism
from the Deccan Traps in India (Schoene et al., 2015;
Renne et al., 2015). There remains signiﬁcant debate as to
the importance and relative contributions of each of these
to the extinction event itself (e.g. Archibald et al., 2010;
Courtillot and Fluteau, 2010; Keller et al., 2010; Schmidt
et al., 2016), and even the possibility of cause-and-eﬀect
relationships between the impact event and voluminous
Deccan volcanism (Richards et al., 2015; Renne et al.,
2015).
Like other mass extinction events throughout Earth his-
tory, the K–Pg extinction led to changes to the global car-
bon cycle (Kump, 1991). A signiﬁcant body of evidence
suggests that the extinction was followed by a decrease in
the primary and export productivity of the oceans. This is
seen in the collapse of the vertical gradient in d13C between
surface and deep-water dwelling foraminifera (Hsu¨ and
McKenzie, 1985; Zachos et al., 1989; D’Hondt, 2005;
Birch et al., 2016), a proxy for the biological carbon pump;
sinking of organic matter to deep water with associated
remineralisation releasing 12C to the surrounding water.
Reduced carbonate accumulation rates, a decrease in values
of bulk carbonate d13C, and little or no oﬀset in d13C
between benthic and planktonic taxa characterise the initial
aftermath of the K–Pg extinction in many deep ocean sites
(Zachos et al., 1989; D’Hondt, 2005; Birch et al., 2016) and
in shelf sections (Esmeray-Senlet et al., 2015) worldwide.
Geochemical models suggest that a reduction of 30–40%
in organic export or 10% reduction in organic carbon burial
(Kump, 1991) is required to achieve the collapse in surface-
deep d13C gradient (Birch et al., 2016).
In contrast to the carbon cycle, surprisingly little is
known about how the global sulfur cycle may have
responded to the events that surround the K–Pg mass
extinction. Numerous factors drive the sulfur cycle and
control the sulfur isotopic composition of seawater over
geological timescales (Claypool, 1980; Berner and
Canﬁeld, 1989; Bottrell and Newton, 2006). Oxidative
weathering of sulﬁde minerals and dissolution of evapor-
ite deposits on land lead to the delivery of sulfate to the
oceans via rivers (Claypool, 1980; Canﬁeld, 2013), with
volcanism and hydrothermal inputs also constituting a
minor ﬂux. Sulfur is removed from the ocean reservoir
to the sediment either in an oxidised state (as carbonate
associated sulfate (CAS), or evaporites, or in a reduced
state (mainly FeS or FeS2) following microbial sulfate
reduction (MSR) in marine sediments (Canﬁeld et al.,2010; Sim et al., 2011; Fike et al., 2015). Many of the
Earth system changes that occurred during the K–Pg
interval (e.g. climate change, sea level ﬂuctuations, bolide
impact and productivity collapse, LIP volcanism, anoxia)
have the potential to aﬀect aspects of the global sulfur
cycle suﬃciently to leave a stratigraphic record of isotopic
change.
The ocean represents the largest reservoir of sulfur on
the Earth’s surface (Claypool, 1980). Sulfur as seawater sul-
fate has a long residence time (10–20 Ma) and a relatively
high concentration (29 mM) in the modern ocean (Bottrell
and Newton, 2006), and therefore rapid perturbations to its
sulfur isotope composition are unlikely. However, a variety
of studies have demonstrated that during periods of major
environmental change such as mass extinction events, rapid
changes are recorded by CAS or pyrite isotopes. (e.g.
Newton et al., 2004; Jones and Fike, 2013; Gomes and
Hurtgen, 2016; Schobben et al., 2015). The occurrences of
such changes has been explained by lower concentration
of sulfate in ancient oceans, leading to concomitant lower
residence times, allowing the cycle to respond rapidly to
perturbations. As a result, examination of sulfur cycle
changes through Earth history have the potential to provide
new interpretations for the cause and eﬀect of environmen-
tal change during mass extinction events.
As a proxy for reconstructing seawater sulfate isotopic
composition, numerous studies have looked at CAS
incorporated into biogenic carbonates. Studies on modern
biota indicate that CAS in biogenic samples faithfully
records the isotopic composition of ambient seawater in
a variety of marine settings (e.g. Kampschulte et al.,
2001; Kampschulte and Strauss, 2004; Lyons et al.,
2004). CAS is resistant to diagenesis (Lyons et al.,
2004; Marenco et al., 2008a, 2008b; Gill et al., 2008;
Fichtner et al., 2017), and reproduces the record from
other proxies for long-term Phanerozoic sulfur cycle
changes such as evaporite minerals and marine barite
(Claypool et al., 1980; Paytan et al., 1998; Paytan
et al., 2004; Kampschulte and Strauss, 2004). Thus,
CAS has proven to be a robust proxy for sulfur cycle
changes during intervals of rapid environmental change
throughout the Phanerozoic; including the end-
Ordovician (Jones and Fike, 2013), late Devonian (John
et al., 2010), and Permo–Triassic (Newton et al., 2004;
Song et al., 2014; Schobben et al., 2015) extinction events
and various Oceanic Anoxic Events (OAEs) (Adams
et al., 2010; Newton et al., 2011; Gill et al., 2011;
Owens et al., 2013; Poulton et al., 2015; Gomes et al.,
2016).
Only two studies, from condensed deep water marine
sections in Japan (Kajiwara et al., 1992) and Spain
(Kaiho et al., 1999), have produced stratigraphically-
constrained sulfur isotope records across the K–Pg bound-
ary from the latest Cretaceous (Maastrichtian stage, 72.1–
66 Ma) and earliest Paleogene (Danian stage, 66–61.6
Ma). The observed changes to the sulfur cycle at the K–
Pg boundary are interpreted to record the development of
a short period of ocean anoxia following the mass extinc-
tion event. However, only one study (Kaiho et al., 1999)
produces a record from bulk rock CAS as a proxy for sea-
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restricted stratigraphic interval centred on the K–Pg bound-
ary itself, which does not overlap with all the events that
have a potential impact on the K–Pg mass extinction such
as the possible eﬀects of Deccan volcanism. Longer-term
changes to the sulfur cycle during the Late Cretaceous or
early Paleogene are poorly known, and existing datasets
are of low resolution.
Under some circumstances, the isotopic signal from
CAS can be altered towards either positive or negative val-
ues. The use of biogenic calcite and aragonite for CAS stud-
ies as opposed to bulk sedimentary carbonate reduces the
risk of contamination of the primary isotope signal from
sedimentary sulﬁde and its weathering products (Staudt
and Schoonen, 1995; Kampschulte and Strauss, 2004). Bio-
genic carbonates also contain a higher concentration of
CAS when compared to bulk sedimentary limestones,
buﬀering them from diagenetic alteration (Staudt and
Schoonen, 1995) and making them potentially the best
source for the generation of CAS records. Nevertheless,
careful consideration must still be made of possible diage-
netic alteration and contamination of samples, as well as
ensuring the data are placed in a sedimentary and palaeoen-
vironmental context before interpretation (e.g. Fike et al.,
2015).
This study aims to generate such records from bio-
genic CAS, using fossils from an expanded and fossilifer-
ous high latitude Cretaceous–Paleogene section located in
the James Ross Basin, Antarctica. The overall aim is to
examine sulfur cycle changes before, during, and after
the K–Pg mass extinction event over a 4 million-year
time span.
2. GEOLOGICAL SETTING
Samples were collected from the shallow marine Lo´pez
de Bertodano Formation, which crops out over 70 km2 of
southern Seymour Island and neighbouring Snow Hill
Island (Crame et al., 2004; Olivero et al., 2008), in the
James Ross Basin, Antarctic Peninsula (Fig. 1A–D). The
Lo´pez de Bertodano Formation forms the upper part of
the 3000 m-thick Marambio Group (McArthur et al.,
2000; Crame et al., 2004; Olivero, 2012), and records
mudstone-dominated deposition in inner-mid shelf condi-
tions (Macellari, 1988; Olivero, 2012; Bowman et al.,
2012) in a large back-arc basin (the Larsen Basin) which
opened directly into the Weddell Sea to the east
(Hathway, 2000). During the Late Cretaceous–Paleocene
the Antarctic Peninsula, located to the west of present-
day Seymour Island, was an active and emergent volcanic
arc (Elliot, 1988; Hathway, 2000). Palaeogeographic recon-
structions indicate that during the Late Cretaceous the
James Ross Basin was located close to its present day high
latitude of 65S (Lawver et al., 1992). The Lo´pez de Berto-
dano Formation itself is an unconformably-bound unit
between the underlying Snow Hill Island Formation and
overlying Sobral Formation (Olivero et al., 2008; Crame
et al., 2014), and comprises 1100 m of unlithiﬁed silty
clays and clayey silts, with occasional glauconite–rich hori-
zons especially in the uppermost 300 m (Macellari, 1988).The studied section contains no ﬁeld evidence for signiﬁcant
hiatuses.
It is important to note that despite evidence for high res-
olution ﬂuctuations in redox, possibly related to the polar
light cycle and unique high latitude ‘greenhouse’ environ-
ment (Schoepfer et al., 2017), there is no evidence for tec-
tonic restriction of the basin which could lead to the
generation of local rather than global isotopic signatures.
The Lo´pez de Bertodano Formation contains a fully marine
fauna (e.g. Macellari, 1988; Crame et al., 2004; Witts et al.,
2016) indicative of open marine conditions. In addition,
global changes in temperature and other palaeoceano-
graphic events can be recognised in the basin (e.g. Tobin
et al., 2012; Bowman et al., 2013).
An age model based on macrofossil and dinoﬂagellate
biostratigraphy, strontium isotope chemostratigraphy, and
magnetostratigraphy (McArthur et al., 1998; Crame et al.,
2004; Tobin et al., 2012; Bowman et al., 2013; Witts
et al., 2016), as well as the presence of an iridium (Ir) anom-
aly at the K–Pg boundary (Elliot et al., 1994), dates this
unit as Maastrichtian–Danian. The sediment accumulation
rates were high (0.1–0.2 mm/yr; Elliot et al., 1994; Bowman
et al., 2013), and it is one of the most expanded sequences
of this age anywhere in the world. The Lo´pez de Bertodano
Formation has thus been the subject of extensive palaeon-
tological and stratigraphic studies over the last 30 years
(Feldmann and Woodburne, 1988 and authors therein;
Crame et al., 2004; Olivero, 2012; Bowman et al., 2012),
and contains the best shallow-marine record in the South-
ern Hemisphere of the K–Pg mass extinction event
(Zinsmeister, 1998; Witts et al., 2016).
Fossil molluscs from the James Ross Basin are generally
thought to show excellent preservation, and have proved
suitable for isotope analyses used to reconstruct palaeo-
ceanographic conditions (e.g. Pirrie and Marshall, 1990;
Ditchﬁeld et al., 1994; McArthur et al., 2000; Tobin
et al., 2012). This level of preservation is consistent with
the idea that the sediments of the Marambio Group have
undergone burial to minimal depths of 1–2 km at low tem-
peratures and pressures (Askin and Jacobsen, 1988; Svojtka
et al., 2009).
3. MATERIALS AND METHODS
Macrofossil samples were collected from southern Sey-
mour Island during the 2006 ﬁeld season of the British
Antarctic Survey, and a composite measured section
(D5.251) comprising several sections (in stratigraphic
order; D5.212, .215, .218, .219, .220, .222, .229) was made
through the entire 1074 m thickness of the Lo´pez de Ber-
todano Formation (Fig. 1D). Sedimentary section lines
were measured perpendicular to strike in the ﬁeld using
a Jacobs staﬀ and Abney level and tape measure. Macro-
fossil collections were made at varying scales within each
sub-section, with sample bins ranging on average from 1
m to intervals 5–6 m thick. All fossil occurrences are illus-
trated at the mid-point of the stratigraphic bin from
which they were collected.
Examples of 6 diﬀerent genera of bivalve mollusc were
utilised in this study (Fig. 1E) covering a stratigraphic range
Fig. 1. Location map, geological setting, and images of fossil taxa used in this study. A–C, maps showing present-day geography of
Antarctica (A) with the northern Antarctic Peninsula highlighted, location of the James Ross Basin (B), and outcrops of the Marambio and
Seymour Island groups on islands in the James Ross Basin. D, measured section D5.251 across the southern portion of Seymour Island is a
composite of various sub-sections (see Fig. 2 for more details). K, Cretaceous; Pg, Paleogene. Position of the K–Pg boundary in the upper
portion of the Lo´pez de Bertodano Formation is indicated by the dashed line. E, examples of fossil bivalve taxa from the Lo´pez de Bertodano
Formation sampled for CAS in this study. a Cucullaea antarctica; b Lahillia larseni; c Pycnodonte (Pycnodonte) vesicularis; d Eselaevitrigonia
regina. All scale bars are 2 cm.
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included representatives of the genera Lahillia (14 samples),
Cucullaea (6 samples), Eselaevitrigonia (1 sample), Ois-
totrigonia (1 sample) (shallow infaunal suspension feeders),
Pycnodonte (16 samples) (epifaunal suspension feeder) and
Leionucula (1 sample) (deep infaunal deposit feeder)
(Zinsmeister and Macellari, 1988). For this study, BAS
samples numbers (D5. XXXX.2) were supplemented by a
unique numbering system (X-1 or X-2) for ease of data
visualisation (see Table 1 and Supplementary Information
Tables S1 and S2 for details).3.1. CAS 34S extraction
CAS extraction was carried out using a modiﬁed version
of a procedure developed at the University of Leeds (e.g.
Newton et al., 2004; John et al., 2010; Newton et al.,
2011). Fossil bivalve samples taken from composite BAS
section D5.251 were screened visually to assess preserva-
tion, and shell material was picked from the specimens by
hand or using a small chisel and tweezers. These were then
washed in an ultrasonic bath for 20–30 min to remove any
adhering sediment or matrix material. Between 2 and 4 g of
Fig. 2. A: d34SCAS (open and ﬁlled squares), B: d
18OCAS (open and ﬁlled diamonds), C: d
34Shypochlorite-S (open and ﬁlled circles), D: CAS
concentration data (open and ﬁlled triangles) from the Lo´pez de Bertodano Formation. Filled symbols are datapoints considered unreliable
through either contamination or alteration (see below). Vertical grey bars labelled # and * indicate the range of published d34S (from CAS and
marine barite) and d18OS data respectively for the Maastrichtian–Paleocene intervals. Data from Claypool et al. (1980), Paytan et al. (1998;
2004), Kampschulte and Strauss (2004), and Turchyn and Schrag (2006). Number and arrow on D is single altered sample that plots outside
the scale presented here. The sub-section overlap between D5.222 and D5.229 has been taken into account when plotting and interpreting the
isotope data. Age model is derived from Bowman et al. (2013). Time scale is based on Sr isotope chemostratigraphy (italicized a–c) (McArthur
et al., 1998) and magnetostratigraphy (Tobin et al., 2012), updated with ages from the Geological Time Scale 2012 (Gradstein et al., 2012) and
using the K–Pg boundary datum. G, glauconite-rich intervals. S, Sobral Formation.
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samples were powdered by hand, and powdered samples
were left in an excess of sodium hypochlorite (NaOCl) 5%
for at least 24 h to remove sulfur contained in organic mat-
ter, sulfate, monosulﬁde minerals or pyrite (partially
removed Wotte et al., 2012). Filtered NaOCl leachate was
retained and its sulfate precipitated as BaSO4 by adjusting
the pH of the solution to 2.5–3.0 using hydrochloric acid
(HCl), warming gently on a hotplate and adding excess
10% BaCl2 solution at 70 C. Cellulose nitrate ﬁlter mem-
branes were then weighed and used to ﬁlter the BaSO4 pre-
cipitate. The weight of the BaSO4 precipitate was measured
to determine the NaOCl-S (d34Shypochlorite-S) yield.
The bleached and rinsed shell powders were reacted with
50% HCl in an anaerobic chamber to release the CAS from
the calcite lattice and avoid oxidation of any surviving sul-
ﬁde minerals (see Theiling and Coleman (2015) for a
detailed discussion of the importance of completing this
portion of the process under anaerobic conditions). 50%HCl was added until there was no more reaction. The solu-
tion was then ﬁltered through a Whatman 40 ﬁlter paper to
remove any residue. When the leachates were removed from
the anaerobic chamber, they were immediately vacuum ﬁl-
tered through a 0.45 mm cellulose nitrate membrane. Great
care was taken to minimise the amount of time during
which the released CAS was present as dissolved sulfate
in the acidic solution as isotopic exchange between
sulfate-O and water-O is known to occur increasingly
rapidly as pH decreases (Lloyd, 1967). The pH of the ﬁl-
tered solution was adjusted to >9.5 with concentrated
ammonia solution and the samples left stirring overnight
or longer in order to precipitate out any dissolved metals.
Any precipitated metals and the leachate were separated
using a Whatman 40 ﬁlter paper. Finally, BaSO4 was pre-
cipitated from the HCl leachate by adjusting the pH to
between 2.5 and 3 with HCl and ammonia solution, and
adding 10% BaCl2 solution in excess at 70 C. The weight
of the BaSO4 precipitate was measured to determine the
Table 1
Full list of samples and their stratigraphic context within composite stratigraphic section D5.251, sulfate sulfur (d34SCAS), sulfate oxygen (d
18OCAS), bleached sulfate sulfur (d
34Shypochlorite-S)
isotope results, and CAS concentration.
Sample # BAS Sample # Comp. strat. height (M) ID d34SCAS (‰VCDT) d
18OCAS (‰VSMOW) d
34Shypochlorite-S (‰VCDT) [CAS] ppm
39-1 D5.1379.2 1074 Lahillia 18.7 10.0 8.0 148
38-1 D5.1375.2 1070 Lahillia 17.6 10.9 10.5 194
37-1 D5.1363.2 1064 Lahillia 13.5 9.2 – 149
36-1 D5.1359.2 1062 Lahillia 14.7 7.6 4.3 75
35-1 D5.1355.2 1060 Lahillia 14.2 6.9 9.6 117
34-1 D5.1351.2 1058 Lahillia 57.7 16.9 17 109
33-1 D5.1343.2 1054 Lahillia 29.8 10.4 6.5 109
32-1 D5.1339.2 1052 Lahillia 35.8 – 8.8 272
30-1 D5.1336.2 1049 Lahillia 12.6 – – 80
29-1 D5.1334.2 1047 Lahillia 0.7 1.4 2.2 528
24-1 D5.1313.2 1022–1028 Lahillia 9.2 5.3 4.6 301
23-1 D5.1307.2 1019 Lahillia 19.4 – 8.1 91
22-1 D5.1301.2 1010–1016 Lahillia 17.7 8.5 0.4 75
21-1 D5.1295.2 1007–1010 Pycnodonte 18.2 9.6 6.1 1402
20-1 D5.1289.2 1004 Lahillia 10.7 0.6 11.6 24,319
18-1 D5.1277.2 986–992 Pycnodonte 17.8 8.5 3.3 1109
16-1 D5.1270.2 980–986 Pycnodonte 18.4 10.3 10.1 592
15-1 D5.1251.2 978–984 Pycnodonte 18.8 9.9 3.1 1232
14-1 D5.1248.2 972–978 Pycnodonte 17.0 9.4 7.5 578
13-1 D5.1245.2 966–972 Pycnodonte 17.80 10.3 10.6 1472
12-1 D5.1241.2 960–966 Pycnodonte 17.0 8.4 15.0 1047
11-1 D5.1238.2 954–960 Pycnodonte 17.6 8.8 5.5 1407
10-1 D5.1236.2 956 Pycnodonte 16.8 9.5 0.2 370
9-1 D5.1234.2 948–954 Pycnodonte 18.3 9.4 13.8 1135
8-1 D5.1229.2 942–948 Pycnodonte 17.4 8.4 8.0 842
5-1 D5.1220.2 924–930 Pycnodonte 17.5 8.6 3.5 1081
4-1 D5.1217.2 918–924 Lahillia 18.4 10.1 13.1 2342
3-1 D5.1214.2 912–918 Lahillia 17.9 10 17.1 1714
22-2 D5.1197.2 882–888 Pycnodonte 16.3 12.8 0.5 659
19-2 D5.1138.2 772–778 Cucullaea 15.2 – – 156.25
18-2 D5.1111.2 726–731 Eselaevitrigonia 16.0 11.0 – 282.27
16-2 D5.1040.2 656–661 Cucullaea 5.16 6.9 28.2 1058.61
15-2 D5.1021.2 636–641 Cucullaea 11.9 – 11.7 128.42
14-2 D5.1006.2 621–626 Pycnodonte 18.0 12.1 16.7 1811.69
13-2 D5.696.2 607–612 Cucullaea 16.2 – – 44.98
12-2 D5.672.2 582–587 Cucullaea 18.1 12.1 4.3 140.63
11-2 D5.370.2 549 Pycnodonte 18.0 10.2 1.4 2134.57
9b-2 D5.347.2 522–527 Leionucula 5.4 – 23.9 69.54
7-2 D5.970.2 442–447 Oistotrigonia 2.9 4.1 13.1 652.06
6-2 D5.955.2 427–434 Cucullaeidae 15.8 11.3 1.0 92.50
2-2 D5.490.2 166 Pycnodonte 16.7 11 2.5 767.90
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cipitates was corrected using the weight percent sulfur
derived during isotopic analysis. Subsamples of the CAS-
BaSO4 precipitate powders were analysed for sulfur and
oxygen isotope composition.
3.2. CAS 34S and CAS 18O isotope analysis
Sulfate isotopic analyses were performed on a Micro-
mass Isoprime continuous ﬂow mass spectrometer coupled
to a Eurovector Elemental Analyser. BaSO4 was weighed
out in tin cups and converted to SO2 by ﬂash combustion
at 1020 C in the presence of oxygen. Excess oxygen was
removed by reaction with copper wire at 650 C and the
SO2 separated from other impurities using a chromato-
graphic column and a helium carrier gas. The d34S of the
sample is derived from the integrated mass 66 and 64 sig-
nals from the pulse of sample SO2, compared to those in
an independently introduced pulse of reference gas. These
ratios were then calibrated using an internal seawater
derived barium sulfate standard (SWS-3B) (+20.3‰) and
CP-1, a chalcopyrite inter-laboratory standard (4.56‰).
The value for SWS-3B was calibrated using international
standards (NBS-127 (+20.3‰), IAEA-S1 (0.30‰), NBS-
123 (+17.01‰), IAEA-s3 (32.06‰) to the Vienna-
Canyon Diablo Troilite (V-CDT) scale in per mille notation
(‰). The precision obtained for repeat analysis of all labo-
ratory standard materials and samples is better than ±0.3‰
(1 standard deviation).
The isotopic composition of the oxygen in the sulfate ion
was measured by mixing BaSO4 precipitates with spectro-
scopically pure graphite and placing the resulting mixture
on platinum foils. These were then degassed and conduc-
tively heated under vacuum to about 1100 C. A quantita-
tive yield of CO2 was achieved by converting any CO to
CO2 using a high voltage applied across platinum elec-
trodes, whilst water was removed cryogenically. The
18O/16O ratios were measured on the CO2 gas using VG
SIRA 10 dual inlet, 90 magnetic sector gas source mass
spectrometer and calibrated to the Vienna-Standard Mean
Ocean Water (V-SMOW) scale using an internal standard
(SWS-3B) calibrated to the V-SMOW scale using the inter-
national standard NBS-127 (+9.3‰). The precision
obtained for all sulfate-O isotope measurements is 0.5‰
(1 standard deviation).
3.3. Carbonate carbon and oxygen isotopes (d13Ccarb,
d18Ocarb), trace element (ICP-MS), and XRD analyses
Powdered shell material from all 58 samples used in
CAS extraction were analysed for their bulk stable carbon-
ate oxygen and carbon isotope compositions using a Micro-
mass Multicarb Sample Preparation System attached to a
VG SIRA Mass Spectrometer at the Godwin Laboratory,
University of Cambridge. Each run of samples was accom-
panied by 10 reference carbonates and 2 control samples.
The results are reported with reference to the international
standard Vienna Pee Dee Belemnite (VPDB). The precisionon repeat measurements is better than ±0.06‰ for d13C
and ±0.08‰ for d18O.
Shell powders were also analysed for their trace element
content (Mg, Ca, Sr, Mn, Fe) in the labs of the National
Oceanographic Center, Southampton. 2 mg of carbonate
was dissolved in 20 ml of 3% HNO3 containing 20 ppb Be
and 5 ppb In and Re, with the addition of 10 ll of concen-
trated sub-boiled HNO3. This solution was analysed on a
ThermoFisher XSeries2 ICP-MS calibrated using synthetic
standards also made up in 3% HNO3 containing In, Re and
Be at the same concentration to act as internal standards.
For XRD analyses, the powdered samples were front
loaded into apertured low background silicon holders.
The samples were analysed at the University of Leeds with
a Bruker D8 using Cu Ka1 radiation, a Germanium pri-
mary monochromator and a Lynx Eye detector. All the
samples were scanned at 40 kV, 40 mA from 2–86, with
an increment of 0.0105 and a count time of 2 s/step. The
data were analysed using the Bruker’s EVA for phase iden-
tiﬁcation and TOPAS Rietveld reﬁnement for phase
quantiﬁcation.
3.4. Cathodoluminescence and scanning electron microscopy
Shell material from total of seven specimens was cut and
polished into thin sections using standard techniques, these
were then examined visually on a cold cathode cathodolu-
minescence system (CITL 8200 Mk 3A mounted on a
Nikon Optiphot petrological microscope) at the University
of Edinburgh to identify areas of recrystallized carbonate.
The same samples were also analysed using an FEI Quanta
650 scanning electron microscope (SEM) at the University
of Leeds, operating in both back-scatter and secondary
electron mode to identify original shell structure and con-
taminant sulﬁde minerals.
4. RESULTS
4.1. Sulfur isotopes: d34SCAS, d
18O CAS, d34Shypochlorite-S.
CAS-S and d34Shypochlorite-S concentrations
Overall d34SCAS values show signiﬁcant variation, rang-
ing from 10.7‰ to +57.7‰ with a mean of +16.1‰. As
expected for biogenic samples, CAS-S concentration data
are high (Staudt and Schoonen, 1995). These range from
45 pm to 24318 ppm with an average of 1241 ppm. Taxa
which secreted a shell originally made of calcite (Pycn-
odonte) generally have substantially higher concentrations
(averaging 1103 ppm) than those taxa with a primary arag-
onite shell (Lahillia, Cucullaea, Eselaevitrigonia) (averaging
421 ppm) (Table 1). The d18O CAS ranges from 1.4‰ to
+16.9‰, with a mean of +9.01‰, while d34Shypochlorite-S
values range from 28.2‰ to +17.1‰ with an average of
3.55‰ (Fig. 2). Despite these broad ranges, much of the
CAS dataset overlaps with published records of ocean
sulfate-d34S for the late Cretaceous and Paleogene
(Paytan et al., 1998; Paytan et al., 2004; Kampschulte and
Strauss, 2004; Turchyn and Schrag, 2006).
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The preservation of a primary CAS signal is likely to be
related to the preservation of primary biogenic carbonate.
Both carbonate isotopes and trace element compositions
of carbonate have been shown to be sensitive to diagenesis
and have therefore been analysed to assess preservation of
the CAS isotope signal. Bulk fossil shell powders yielded
variable d13Ccarb (range 7.19‰ to +4.13‰, average
+0.82‰) and d18Ocarb (range 0.58‰ to 2.15‰, average
+0.78‰) values and highly variable trace element concen-
trations (Supplementary Information Table S2) (Fig. 3).Fig. 3. Cross-plots of isotope data for the full CAS dataset for all species
vs d18Ocarb, D: d
34SCAS versus d
13Ccarb, E: d
34SCAS versus CAS concentra
boxes in A, C, D, E, and F illustrate range of published Cretaceous–Paleo
et al., 1998; Paytan et al., 2004; Turchyn and Schrag, 2006). Filled black
diamonds, Pycnodonte, ﬁlled black square Eselaevitrigonia. Numbers in pa
arrows indicating direction of change expected in isotope data. Blue cros
with light sulfur from oxidation of sulﬁde minerals. (For interpretation of
the web version of this article.)These data are nevertheless within the range of previously
published datasets using molluscan carbonate from the
Lo´pez de Bertodano Formation on Seymour Island
(McArthur et al., 1998; Tobin et al., 2012; Tobin and
Ward, 2015), and underlying formations in the James Ross
Basin (Pirrie and Marshall, 1990; Ditchﬁeld et al., 1994;
Crame et al., 1999).
4.3. SEM, cathodoluminescence, XRD
Examination using SEM and cathodoluminescence of
thin sections of bivalve shell material revealed most shell. A: d34SCAS versus d
18OCAS, B: d
13Ccarb versus d
18Ocarb, C: d
34SCAS
tion (ppm), F: d34SCAS versus d
34Shypochrlorite-S concentration. Grey
gene seawater d34S and d18O-S values (Claypool et al., 1980; Paytan
and red circles, Lahillia, ﬁlled grey circles, Cucullaea, ﬁlled white
rentheses represent possible zones of recrystallization in Fig. 5, with
ses represent samples from a range of genera, likely contaminated
the references to colour in this ﬁgure legend, the reader is referred to
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generally non-luminescent and with original shell
microstructure preserved (Fig. 4). Exceptions included
examples of contaminant minerals inside micro-borings or
natural tubules in the shell, and luminescent cements within
the shell material of many Pycnodonte oysters. XRD anal-
ysis conﬁrmed the primary carbonate mineralogy of all
taxa, while quantiﬁcation of the percentage of various poly-
morphs (e.g. % calcite vs. aragonite) can be used to assess
the preservation of shell material (see Section 5.2).
5. PRESERVATION AND ASSESSMENT OF A
PRIMARY SEAWATER ISOTOPIC SIGNAL FROM
CAS
A variety of studies on the durability and reliability of
CAS indicate that alteration of the primary isotopic signal
can occur as both an enrichment or depletion of d34S rela-
tive to known contemporaneous seawater values, and that
such alteration can be the result of multiple processes
(e.g. Lyons et al., 2004; Marenco et al., 2008a, 2008b; Gill
et al., 2008; Newton et al., 2011; Rennie and Turchyn,
2014). However, most existing studies focus either on bulk
CAS records from ancient and modern limestones or deep-Fig. 4. Examples of shell preservation from fossil bivalve samples of the
(D–F) imaging of fossil shells. A, (sample D5.1355.2, Lahillia) original p
micro-boring. B, (sample D5.955.2, Cucullaea) well-preserved shell stru
amounts of sulﬁde (pyrite framboids). C, (sample D5.1355.2, Lahillia) fur
micro-borings into shell. D, (D5.955.2, Cucullaea) shell margin with non
degree of luminescence and alteration possibly representing the remains of
luminescent shell with typical laminated and vesicular texture and are
(D5.955.2, Cucullaea) shell margin with well-preserved (non-luminescentsea carbonate oozes, or are derived from biogenic carbon-
ates secreted by extinct groups of organisms (e.g. belem-
nites). Here we examine biogenic carbonates from thick-
shelled marine bivalves of diﬀering mineralogies. To test
the validity of this dataset, a range of screening techniques
were applied to the sample suite to distinguish primary iso-
tope values (Figs. 4 and 5).
5.1. Oxidation of contaminant sulfide minerals
Although the CAS extraction is completed under anaer-
obic conditions, oxidation of contaminant sulﬁdes within
the sample is still possible during extraction. Carbonate
powders were subject to NaOCl bleaching pre-treatment
to remove organic sulfur, amorphous monosulﬁdes, and
potentially some sulﬁde minerals (see Wotte et al. (2012)
for a detailed discussion). However, ﬁne-grained sulﬁde-
mineral grains can be wholly encapsulated by larger car-
bonate grains, shielding them from potential removal via
the bleaching pre-treatment. Anaerobic oxidation is also
possible via dissolved oxidised metal species released during
extraction (Mazumdar et al., 2008). The sulfur added from
sulﬁde minerals is derived from sulﬁde produced during
MSR or sulfate-driven anaerobic oxidation of methaneLo´pez de Bertodano Formation. Taken from SEM (A–C) and CL
ristine crossed-lamellar shell structure, with pyrite framboids inside
cture including growth lines and tubules, some inﬁlled with small
ther examples of lamellar shell structure, with growth lines and algal
-luminescent primary shell structure, thin external layer showing a
a periostracum. E, (D5.1277.2, Pycnodonte) showing generally non-
as in-ﬁlled with high magnesium luminescent calcite cements. F,
) shell material and original growth lines.
Fig. 5. Schematic pore water proﬁle (not to scale). A: potential zones of alteration for fossil samples following burial and diagenesis. B: pore
water concentration for various ions used as electron acceptors, and the concentration of sulfate. C: eﬀect on the isotopic composition of
sulfate (d34SSO4) and dissolved inorganic carbon (d
13C). MSR, microbial sulfate reduction, AOM, anaerobic oxidation of methane, WC, water
column, SWI, sediment-water interface. Vertical dashed arrow next to A indicates the potential for these zones to migrate vertically through
time due to a variety of factors. Modiﬁed from Jørgensen, and Kasten (2006).
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tary pore waters. Since this is generally depleted in 34S rel-
ative to seawater sulfate, the isotopic eﬀect of this process is
to decrease the apparent d34S of CAS as well as increasing
the apparent CAS concentration (e.g. Marenco et al.,
2008a; Mazumdar et al., 2008 Fike et al., 2015) (Fig. 3).
The oxidation of sulﬁde minerals during extraction will
also eﬀect the oxygen isotope composition of the sulfate.
Leeds laboratory de-ionised water has a d18OV-SMOW value
of around 7‰. Incorporation of this water oxygen during
oxidation of sulﬁde minerals to sulfate will therefore also
lead to a depletion in d18OCAS. SEM examination of several
shells (6-2, 12-1, 18-1, 35-1) in the total dataset revealed
that pyrite framboids are present within the inﬁll of
micro-borings or natural tubules in shell structure of the
genera Lahillia and Cucullaea which otherwise preserve
pristine original shell microstructure and are non-
luminescent during examination under CL (Fig. 4). Since
pyrite emplacement in shell material can occur in pre-
existing natural voids in the shell structure (such as tubules
or borings) (Fig. 4A and B), measures of carbonate preser-
vation (e.g. cross-plots of d18Ocarb and d
13Ccarb, and trace
element composition) are not relevant when assessing this
process and should show no distinct correlation as contam-
ination can occur with no eﬀect on the structure and com-
position of shell carbonate.
A total of six fossil samples (four Maastrichtian (7-2, 9-
2, 16-2, 20-1) and two Danian (24-1, 29-1)) record d34SCAS
values signiﬁcantly depleted relative to the overall trend of
the remaining dataset and of contemporaneous published
seawater values (e.g. Paytan et al., 1998; Paytan et al.,
2004; Kampschulte and Strauss, 2004; Turchyn andSchrag, 2006) (Fig. 3A, C, D, E, and F). In addition, these
samples also record negative d18OCAS and d
34Shypochlorite-S
values (Fig. 2), and elevated concentrations of non-CAS-S
(represented by hypochlorite-S ppm values) although other
measures of carbonate preservation suggest they are well
preserved (Fig. 3B). Correlation of these variables alone
indicates these samples are likely not recording a seawater
signature. Measurement of the isotopic composition of sul-
fur removed by the sodium hypochlorite bleach in these
samples (range +17.1‰ to 17‰, mean of 1.47‰) indi-
cates that the sum of sulﬁde plus organic sulfur in these
samples broadly conform to the hypothesised addition of
isotopically depleted sulﬁde via partial oxidation of organic
sulfur and/or pyrite sulfur, although this is likely an esti-
mate rather than a perfectly quantiﬁed measurement of
possible contamination as NaOCl bleaching may only ever
partially remove pyrite-S (Wotte et al., 2012). An additional
sample (15-2) exhibits a low d34SCAS value (+11.86‰) com-
pared to stratigraphically adjacent samples (Fig. 2). This
sample also has quite a negative d34Shypochlorite-S value
(11.7‰), indicating that some addition of light sulfur is
possible. Against this hypothesis, it exhibits low CAS con-
centration, and ultimately lacks conﬁrmation as an d18OCAS
value could not be obtained. It is included in the ﬁnal data-
set with these caveats.
These data suggest that pyrite addition is variable, and
that the sum of contaminent S-phases in fossil samples
themselves (as represented by the d34Shypochlorite-S) clearly
has a variable isotope composition. Therefore, the potential
for alteration of the primary CAS isotope signal is also vari-
able at the level of each individual shell. In only a few exam-
ples oxidation of sulﬁdes has occurred – perhaps because of
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sample bleaching, or pyrite oxidation during sample extrac-
tion. Due to the high probability of contamination, the six
datapoints described above are removed from subsequent
analysis and discussion of the primary record.
5.2. Recrystallisation following shallow marine diagenesis
A second suite of processes linked directly to the preser-
vation or alteration of original carbonate material during
diagenesis also have the potential to alter the CAS from a
primary seawater isotope composition. Data from several
samples are consistent with at least partial recrystallisation
of original shell material (Fig. 3) or the incorporation of
later diagenetic cement into their shell microstructure
(Fig. 4). However, the degree to which these processes
may have aﬀected CAS values in these shells depends lar-
gely on the relative timing of diagenetic alteration following
death and burial in the sediment column. The inﬂuence of
local pore water chemistry and biogeochemical processes
in driving changes to sulfur cycle proxies such as biogenic
CAS should be considered before any deep-time record is
interpreted to represent a true picture of seawater chem-
istry. To explore the eﬀects of these processes, a conceptual
model based around a pore-water proﬁle with typical bio-
geochemical zonation seen in marine sediments during the
breakdown of organic matter (Jørgensen and Kasten,
2006) is used to consider the likely eﬀect of recrystallisation
on CAS, carbonate carbon and oxygen isotope, and trace
element values in three hypothetical ‘zones of alteration’
following burial (Fig. 5):
1. Shallow zone with concentrations of sulfate near seawa-
ter. Here porewater sulfate isotope compositions will
also be near those of seawater, but concentrations of
iron and manganese are likely to be elevated. Incorpora-
tion of sulfate into recrystalised carbonate here will not
result in any signiﬁcant deviation from a primary signal.
2. Intermediate depth zone with depleted porewater sulfate
concentrations relative to seawater. The porewater sul-
fate has a more positive sulfur isotope composition than
seawater due to MSR and/or AOM. Here, sulfate con-
centrations are still suﬃcient to produce a signiﬁcant
concentration of CAS in recrystalised carbonate, but
addition of recrystallised carbonate will now shift the
CAS-S isotope composition towards heavier values.
The isotopic composition of dissolved inorganic carbon
(DIC) becomes increasingly more negative for both car-
bon and oxygen in this zone.
3. Deep zone where sulfate concentrations are negligible.
Recrystallisation here has a minimal eﬀect on CAS sul-
fur isotope compositions because the new carbonate will
contain little or no sulfate. The carbon and oxygen iso-
tope compositions of DIC are shifted to more negative
values here.
The zone of recrystallization of carbonate is likely to
vary depending on carbonate mineralogy and sedimenta-
tion rate. Rennie and Turchyn (2014) suggested a relation-
ship between CAS alteration and sedimentation rate; suchthat preservation of primary d34SCAS values was more likely
in sites with low sedimentation rates, where recrystalliza-
tion would occur above a deeper zone containing isotopi-
cally evolved pore ﬂuids (Zone 1 of Fig. 5), or in settings
with very high sedimentation rates where samples would
be rapidly placed below this critical region before recrystal-
lization could occur (e.g. into Zone 3 of Fig. 5). CAS was
thus most prone to alteration at intermediate sedimentation
rates – estimated at 50–150 m Myr1, which would be com-
parable to estimates for the Lo´pez de Bertodano Formation
on Seymour Island (100–150 m Myr1 based on average
calculated sedimentation rate for the entire 1100 m-thick
succession) (Tobin et al., 2012; Bowman et al., 2013;
Witts et al., 2016) The presence of glauconite-rich horizons
in the uppermost 300 m of the Lo´pez de Bertodano For-
mation indicate intervals of signiﬁcantly lower sedimenta-
tion rate and reworking of sediment (Macellari, 1988;
Witts et al., 2016), whilst the more mud-rich parts of the
succession were likely deposited under even higher sedimen-
tation rates than the calculated average.
Application of this general model to the present study
should also be approached with caution given the diﬀering
palaeoenvironmental setting. In deep sea carbonate domi-
nated sediments, such as those studied by Rennie and
Turchyn (2014), high rates of carbonate recrystallization
occur at shallow depths in the sediment column in associa-
tion with pore waters containing relatively unevolved
d34SSO4, whereas the zones of MSR and AOM may be
>1 m (and in some cases, tens of meters) below the
sediment-water interface (Rennie and Turchyn, 2014;
Turchyn et al., 2016).
In shallower water settings, such as those considered in
this study, the zones of MSR and AOM may occur a lot
closer (mm to cm-scale for MSR, cm to m-scale for
AOM) to the surface (e.g. Jorgensen, 1982; Jorgensen and
Kasten, 2006; Rooze et al., 2016) potentially in association
with higher rates of recrystallization. Biogeochemical zones
are also likely to migrate over time with changes in sedi-
mentation rate, organic matter delivery, or concentration
of ions diﬀusing from the overlying water column
(Fig. 5), making relationships with sedimentation rate more
complicated. Finally, samples of biogenic carbonate from
thick-shelled marine bivalves are also substantially diﬀerent
to those from deep sea foraminiferal oozes since they have a
much lower surface area to volume ratio. Our data also
indicate that calcitic taxa such as Pycnodonte oysters start
with an initially higher CAS concentration than foramin-
fera and aragonitic taxa and are therefore less vulnerable
to alteration. Aragonitic taxa have the advantage that their
progressive recrystallisation can be monitored by the per-
centage of calcite in their shell (see below).
Turning to the primary dataset presented herein, many
specimens of Pycnodonte, which originally secrete a calcite
shell, contain signiﬁcant enrichment in Mn and Fe and exhi-
bit a relationship between decreasing values of d18Ocarb,
d13Ccarb and decreasing Sr content, as would be expected
during progressive diagenetic recrystallization in Zone 1
(Fig. 6). Examination using cathodoluminescence and
SEM revealed good preservation of original shell material
(Fig. 4E), but that the ‘layer cake’ vesicular shell structure
Fig. 6. Cross-plots between d18Ocarb and A: d
13Ccarb, B: d
34SCAS, C: CAS-S ppm, D: Mn, E: Fe, F: Sr for calcitic Pycnodonte oysters.
Signiﬁcant correlations between decreasing d18Ocarb and any of these variables is often interpreted as a sign of increasing recrystallization and
loss of primary CAS isotope signal (e.g. Brand and Veizer, 1980; Gill et al., 2008).
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early diagenetic cement. This has been noted by previous
studies (Pirrie and Marshall, 1990; Ditchﬁeld et al., 1994),
and led to the suggestion of excluding Pycnodonte samples
from paleotemperature reconstructions from the James Ross
Basin using d18Ocarb. Importantly for this study, d
34SCAS and
d18OCAS values for all Pycnodonte samples are within the
range of contemporaneous seawater (range 16.3–18.8‰ for
d34SCAS, 8.4–12.8 for d
18OCAS), and they exhibit high CAS-
S concentrations (minimum 370 ppm, maximum 2134 ppm,
average 1102 ppm), with no relationship between d18Ocarb
(Fig. 6C) and CAS concentration, and only a very weak rela-
tionship between d18Ocarb (Fig. 6B) and d
34SCAS. This
strongly suggests that despite recrystallization, d34SCAS val-
ues in these bivalves are buﬀered from alteration and likely
record primary seawater values.
Taxa with primary aragonite shells (Lahillia, Cucullaea,
Eselaevitrigonia) show mostly good visual preservation oforiginal shell microstructure with little or no development
of diagenetic cements (Fig. 4), indicating signiﬁcant
amounts of recrystallisation has likely not occurred in the
majority of samples. Assessment of preservation for origi-
nally aragonite samples is important because it has been
demonstrated that sulfate incorporation occurs more
favourably in calcite than aragonite (Busenberg and
Plummer, 1985). Compatible with this notion, these
bivalves generally show lower or substantially more vari-
able CAS-S concentrations than the calcitic Pycnodonte
oysters (mean for aragonitic taxa 332 ppm, standard devia-
tion, 609 ppm), suggesting that they are less buﬀered from
the eﬀects of diagenesis on their CAS record. Detailed
examination of well-preserved specimens of Lahillia and
Cucullaea also reveal that these taxa have an organic-rich
outer layer, likely the remains of a periostracum. This layer
appears prone to alteration and shows luminescence under
CL imaging, suggesting it could contribute to at least
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early diagenesis (Fig. 4D). This outer layer can be removed
or avoided during microsampling. The surface of the shell
material used in this study was not cleaned in this way
and this layer is therefore potentially included in the homo-
genised samples.
To assess the amount of recrystallization and potential
alteration of CAS in originally aragonitic bivalves from
the primary dataset, quantitative XRD was used to esti-
mate the proportion of aragonite to calcite in each shell
(Fig. 7), and compared to isotope values and trace element
concentrations. Incorporation or contamination of shells
with other minerals (i.e. sediment not removed during sam-
ple cleaning), could lead to anomalous trace element values,
so estimates of the percentage of ‘other’ minerals included
in the shells were also examined for most samples (Supple-
mentary Information Table S2).
Cross-plots of these variables (Fig. 7) indicate that sev-
eral samples of Lahillia in the dataset show varying degrees
of alteration of the original aragonite shell to calcite, likely
representative of early diagenetic recrystallisation. By con-
trast, Cucullaea samples are better preserved, showing min-
imal alteration to calcite, and negligible incorporation of
contaminating minerals from the surrounding sediment.
Sample 30-1 (Lahillia) shows a moderate degree of recrys-
tallization (36.8% calcite) and records a d34SCAS value that
is lower than expected for Cretaceous seawater sulfate
(Fig. 7A), but it is not diﬀerent to stratigraphically adjacent
samples (Fig. 2A – 1049 m). Sample 30-1 also shows evi-
dence for enrichment in Fe and Mn, as would be expected
from recrystallization in zone 1 (Fig. 5). Two samples (3-1
and 4-1 – both Lahillia) are highly recrystallized (65.5%
and 98.3% calcite respectively), but record d34SCAS values
in the range of seawater values from other studies. They
also have elevated CAS-S concentrations consistent with
the addition of calcite with high sulfate concentrations rel-
ative to aragonite. These samples are also considered
recrystallized in Zone 1, despite the lack of signiﬁcant Fe
and Mn enrichment.
Three samples (32-1, 33-1, 34-1 – all Lahillia) with very
enriched d34SCAS values ﬂagged previously (Fig. 3) exhibit
varying levels of recrystallization (26%, 16%, and 37% cal-
cite respectively). This evidence of conversion from arago-
nite to calcite in conjunction with their elevated d34SCAS
values are perhaps indicative of recrystallization in Zone
2; in an interval where pore-waters concentrations and iso-
tope compositions are modiﬁed by MSR or AOM. One of
these samples (34-1), as well as a further Lahillia which
records expected seawater d34SCAS values (sample 38-1)
show also elevated Mn and Fe values, as would be expected
by recrystallization in Zone 1. However, both samples
appear to be contaminated by incorporation of other min-
erals, probably because of failure to remove adhering sedi-
ment during cleaning or shell bleaching with NaOCl
(Fig. 7H and J) which is likely to have elevated measure-
ments of Fe and Mn.
To summarise this assessment of preservation, numer-
ous specimens of Lahillia and Cucullaea show evidence con-
sistent with at least partial diagenetic recrystallization of anoriginally aragonitic shell to calcite, while several originally
calcitic Pycnodonte oysters show evidence for the addition
of authigenic or diagenetic cements into the shell structure.
Using a conceptual model to examine the likely signature of
any such changes in terms of the isotopic composition of
the shell material and trace element concentrations, arago-
nite samples that recrystallized in Zone 2 are removed from
the ﬁnal dataset due to their modiﬁed d34SCAS values
(Table 2), along with samples considered non-primary from
pyrite-S addition. Remaining samples where there is no evi-
dence of pyrite oxidation during extraction, no evidence of
alteration to the primary shell carbonate, or where alter-
ation to the shell carbonate has occurred in such a way as
to preserve the primary seawater signal, are considered to
represent a primary record of seawater sulfate (Fig. 8).
These data are discussed in the next section.
6. DISCUSSION
6.1. Summary of sulfur-cycle changes across the
Maastrichtian and early Danian in Antarctica
The d34SCAS dataset remaining after screening for
preservation is presented in Fig. 8 where temporal trends
in d34SCAS are apparent. These are interpreted to represent
a true picture of the evolution of seawater sulfate during the
Maastrichtian and early Danian. No directly compatible
data are available in terms of the temporal resolution of this
study, as existing datasets either focus on a narrow window
around the K–Pg boundary interval itself (Kajiwara et al.,
1992; Kaiho et al., 1999) or are long-term records derived
from marine barite at low resolution and with major time
gaps (Paytan et al., 1998; Paytan et al., 2004). These low-
resolution records show a lack of ﬂuctuation in the Maas-
trichtian, all data ranging between +18‰ and +19‰
(Paytan et al., 2004). Kampschulte and Strauss (2004)
reported values from CAS for the 70–65 Ma time bin of
between +18.1‰ and 18.6‰, and +16.9‰ to +17.4‰ from
evaporates of the same age.
Broadly speaking, our primary CAS data are compara-
ble with existing estimates of the isotopic composition of
seawater sulfur for the Maastrichtian and Danian from
published datasets (Fig. 9) (e.g. Kaiho et al., 1999; Paytan
et al., 1998; Paytan et al., 2004), but add new detail, partic-
ularly in an interval spanning around 2 million years across
the K–Pg boundary itself (the consecutive magnetochrons
C30N and C29R) (Fig. 8).
The precision of CAS in recording seawater d34S means
that variability is generally only considered signiﬁcant when
changes exceed >1‰ (Rennie and Turchyn, 2014). We
therefore interpret the remaining record in terms of three
main features (labelled 1–3 on Fig. 8):
(1) Early-mid Maastrichtian (magnetochron C31R) sta-
bility in the basal portion of the Lo´pez de Bertodano
Formation (100–600 m). Data density is low but
d34SCAS values average 17‰ ± 1‰, with values at
the higher end of this range around 600 m, during
the mid–Maastrichtian (69 Ma, close to the base
Fig. 7. Cross-plots for originally aragonite taxa (Lahillia, Cucullaea). Cross plots based on quantiﬁed XRD analysis between % calcite in shell
(A, B, C, D, E, G, I) and A: d34SCAS, B: d
18OCAS, C: CAS-S, D: Hypochlorite-S, E: d
18Ocarb, F: d
13Ccarb, G: Mn (ppm), I: Fe (ppm). H and J:
% other (contaminating) minerals in shell and H: Mn (ppm) and J: Fe (ppm). Black and red circles represent Lahillia, grey circles Cucullaea.
Samples numbers correspond to Table 1. Arrows represent direction of change expected during recrystallization or contamination in zones of
alteration from Fig. 5. Grey bars on A and B are range of Cretaceous–Paleogene values of d34SCAS and d
18OCAS. (For interpretation of the
references to colour in this ﬁgure legend, the reader is referred to the web version of this article.)
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Table 2
List of CAS samples removed from ﬁnal analysis following assessment of preservation.
Sample # Strat height (m) Reason for removal d34SCAS
34-1 (D5.1351.2) 1058 Recrystalisation in Zone 2 +57.7‰
33-1 (D5.1343.2 1054 Recrystalisation in Zone 2 +29.8
32-1 (D5.1339.2) 1052 Recrystalisation in Zone 2 +35.8
29-1 (D5.1334.2) 1047 Pyrite-S addition +0.7
24-1 (D5.1313.2) 1022–1028 Pyrite-S addition +9.2
20-1 (D5.1298.2) 1004 Pyrite-S addition 10.7
16-2 (D5.1040.2) 656–661 Pyrite-S addition 5.2
9b-2 (D5.347.2) 522–527 Pyrite-S addition +5.4
7-2 (D5.970.2) 442–447 Pyrite-S addition 2.9
Fig. 8. a: Composite lithostratigraphy and age model for section D5.251. b: divisions of d34SCAS dataset discussed in main text. c: Primary
d34SCAS dataset. For explanation of diﬀering symbology relating to diﬀerent taxa see Fig. 3. d: summary regional palaeoclimate interpretation.
Data derived from carbonate oxygen isotopes (Tobin et al., 2012), marine (Bowman et al., 2013) and terrestrial (Bowman et al., 2014)
palynology. Snowﬂake symbols are ‘cold snaps’ of Bowman et al. (2013). Grey bar extending from K–Pg boundary represents uncertainty in
palynological climate proxy interpretation due to disruption of marine and terrestrial communities following the K–Pg mass extinction. e:
Timing and evidence for LIP volcanism and impact events. Red arrow labelled DT is the inferred duration of the Deccan Traps LIP – solid red
line marks timing of Main Phase eruptions (Schoene et al., 2015; Renne et al., 2015) dashed red line and ? mark timing of phase 1 (Chenet
et al., 2009). The K–Pg boundary is represented by the dashed horizontal grey line at 1008 m (Bowman et al., 2012; Witts et al., 2016). Yellow
star marks position of the iridium anomaly on Seymour Island in a parallel section (Elliot et al., 1994), taken as a global marker for the
Chicxulub impact event (Molina et al., 2006). (For interpretation of the references to colour in this ﬁgure legend, the reader is referred to the
web version of this article.)
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Fig. 9. Correlation and comparison of K–Pg sulfur isotope data from this study (A - Seymour Island, Antarctica - d34SCAS) with existing
datasets from Kawaruppu, Japan (B) (Kajiwara and Kaiho, 1992) (d34SSulﬁde) and Caravaca, Spain (C) (Kaiho et al., 1999) (d
34SSulﬁde,
d34SSulfate, D
34S). Attempted correlation (horizontal dashed grey lines and shaded grey box) using age models. Primarily magnetostratigraphy
(Arenillas et al., 2004 (Caravaca); Tobin et al., 2012 (Seymour Island); Kurihara et al., 2016 (Kawaruppu)) and biostratigraphy –estimates for
the duration of the P0 foraminiferal biozone found in both the Kawaruppu (Kaiho and Saito, 1986) and Caravaca sections (Arenillas et al.,
2004; Molina et al., 2009). Base of this biozone is the K–Pg boundary (Molina et al., 2006, 2009). Estimated correlation with Seymour Island
based on sedimentation rates of 0.1–0.2 mm/yr (Tobin et al., 2012; Witts et al., 2016). Vertical error bars on d34SCAS dataset in A represent
stratigraphic sampling bins from which fossils were collected. Horizontal error bars represent range of multiple d34SCAS values, with marker
located at the mean value. Dashed line in the early Paleocene record represents absence of well-preserved CAS data. G, glauconite-rich
horizons, also marked as green bands in lithostratigraphy of A. S, Sobral Formation. Expanded foraminiferal species names from
biostratigraphy in B and C: A. mayaroensis = Abathomphalus mayaroensis, P. hantkeninoides = Plummerita hantkeninoides, G. cretacea =
Guembelitria cretacea, Pv. eugubina = Paravularugoglobigerina eugubina. (For interpretation of the references to colour in this ﬁgure legend,
the reader is referred to the web version of this article.)
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lower values (15–16.5‰) between 700 and 800 m,
(corresponding to magnetochrons C30R and C30N
and an age of 68 Ma).
Environmental ﬂuctuations preceding the K–Pg mass
extinction include a long-term global cooling trend reaching
its peak across the Campanian–Maastrichtian boundary
and during the early Maastrichtian (Barrera and Savin,
1999; Friedrich et al., 2012; Bowman et al., 2014;
Thibault, 2016) followed by further warming 69 Ma (the
‘Mid-Maastrichtian Event’ (MME)) (Voigt et al., 2012;
Jung et al., 2013). Large and apparently rapid sea level
changes also occurred at this time, superimposed on an
overall long-term fall from a mid-Cretaceous high (e.g.
Miller et al., 2005; Haq, 2014). These environmental
changes are associated with several biotic events – most
notably the ﬁnal extinction of the ‘true’ inoceramid bivalves
during the mid-Maastrichtian (MacLeod et al., 1996;
Dubicka and Peryt, 2012; Jung et al., 2013), following a
protracted latitudinal decline which likely began in thesouthern high latitudes during the Campanian (Crame
et al., 1996; Olivero, 2012).
Due to the low density of data in the portion of the CAS
record that correlates with this time interval, it is diﬃcult to
test whether these global events had a signiﬁcant eﬀect on
the sulfur cycle. The early Maastrichtian CAS record prob-
ably represents subtle ﬂuctuations within a system close to
steady state. A slight increase in d34SCAS values between 400
and 600 m in the composite section could plausibly reﬂect
increased global pyrite burial during the MME sea level rise
and climate warming (Fig. 8), with burial of isotopically
light pyrite-sulfur on a global scale leading to an enrich-
ment in d34S of the oceanic reservoir. A positive shift in glo-
bal carbon isotope records is also recorded during the
MME, suggesting a period of increased carbon burial
(Voigt et al., 2012).
(2) Late Maastrichtian increase (between 750–1020 m)
from a low point of 15.5‰ to 19.6‰ at 1019 m,
10 m above the K–Pg boundary (corresponding to
the upper portion of magnetochron C30N and lower
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where data density is highest, although the most pos-
itive value above the K–Pg boundary is only recorded
by one sample.
(3) An early Paleocene negative excursion and recovery
from the peak positive value in the earliest Palaeo-
cene to a cluster of depleted values deﬁned by four
datapoints (range 12.6–14.7‰, mean 13.8‰) occur-
ring in stratigraphically adjacent samples between
1049 and 1064 m, 40 m above the K–Pg boundary
(corresponding to the upper portion of chron
C29R, 65.7 Ma). The d34SCAS values then return
to values of 17–19‰, like those of the late Maas-
trichtian in the highest portion of the section
(1070–1074 m), directly below the unconformable
contact with the overlying Sobral Formation.
6.1.1. Late Maastrichtian increase in d34SCAS – potential
environmental causes
An increase in d34SCAS of 4–5‰, from magnetochron
C30N, to a maximum just above the K–Pg boundary is well
constrained by multiple data points, and represents a true
shift in the isotopic value of seawater sulfate during this
time interval. Despite this, the eﬀect of climate or sea level
on the d34SCAS values during the late Maastrichtian is not
easily linked to a known change in global climate or tecton-
ics. The major positive shift in the CAS record from Sey-
mour Island begins in magnetochron C30N (Figs. 8 and
9), an interval where most climate proxies globally show
evidence for signiﬁcant cooling (e.g. Li and Keller, 1998;
Thibault, 2016). Although the global sea level record for
this interval lacks precise temporal constraints, it is broadly
characterised by a rise in C30N followed by a fall into
C29R (Miller et al., 2005; Haq, 2014), at odds with a role
in controlling a persistent increase in pyrite burial.
Because of the tight coupling apparent in marine sedi-
ments between the burial of isotopically depleted organic-
carbon and pyrite-sulfur, any increase in pyrite burial, indi-
cated by a signiﬁcant positive shift in the sulfur isotope
record, should be mirrored by an increase in carbon burial
(Berner, 1982). If this is large enough it will impact on the
isotopic composition of ocean DIC and be recorded in the
record of marine carbonates. Numerous carbon isotope
curves derived from bulk carbonate (e.g. Voigt et al.,
2012; Thibault, 2016) or foraminifera (Li and Keller,
1998) are available for the Maastrichtian from a variety
of ocean basins (Wendler, 2013). They generally show a
long-term decreasing trend of only around 0.8–1‰ magni-
tude in the late Maastrichtian, followed by a short and
rapid positive peak immediately preceding the K–Pg
boundary (Cramer et al., 2009; Voigt et al., 2012). Several
of these records come from epeiric seas which have the
potential to record an isotopic composition diﬀerent to
the global ocean (e.g. Panchuk et al., 2006; Voigt et al.,
2012). Despite this, few carbon isotope records show any
signiﬁcant (>1‰) increase prior to this during the late
Maastrichtian, as might be expected during a period of
increased linked carbon and pyrite burial inferred fromthe increase in d34SCAS values during magnetochrons
C30N–29R.
There are several possibilities to explain this apparent
contradiction; a decoupling of the carbon and sulfur cycles
via terrestrial carbon cycle changes (e.g. Kurtz et al., 2003),
or a reduced signiﬁcance of marine sulfate-sulfur isotopic
change for the carbon cycle due to lower marine sulfate
concentrations. Decoupling has been hypothesised for the
early Paleogene (Kurtz et al., 2003) with a decrease in pyrite
burial coinciding with an increase in terrestrial organic car-
bon burial. Hence increases in marine organic carbon burial
may be balanced by decreases in terrestrial organic-carbon
burial such that the net eﬀect on the DIC-carbon isotope
composition of the ocean is only small. There is also evi-
dence for reduced concentrations of sulfate in the late Cre-
taceous oceans (Wortmann and Paytan, 2012; Holt et al.,
2014). A lower marine sulfate concentration would make
the marine sulfate sulfur more sensitive to change for any
given amount of carbon/pyrite burial. Therefore, there
could be suﬃcient pyrite burial to impact the CAS record
signiﬁcantly whilst having only a minimal eﬀect on the iso-
topic composition of ocean DIC. Changes in the extent and
burial rate of organic matter in anoxic or euxinic basins,
where carbon and sulfur can be buried in diﬀering propor-
tions (Raiswell and Berner, 1985), could also have played a
role. There is however, limited evidence for any signiﬁcant
expansion of such settings globally during the
Maastrichtian.
Large-scale volcanism has also been suggested as a dri-
ver of change in the Cretaceous sulfur cycle (Paytan
et al., 2004; Adams et al., 2010; Gomes and Hurtgen,
2016). As well as causing or exacerbating climate-driven
changes, LIP volcanism could contribute signiﬁcant
amounts of volcanic or mantle sulfur (isotopic composition
of 0‰) to the ocean (e.g. Adams et al., 2010; Gomes and
Hurtgen, 2016), causing a decrease in d34S. Extensive conti-
nental ﬂood basalt volcanism from the Deccan Traps LIP
in India commenced 1.2 myrs prior to the K–Pg boundary
(Chenet et al., 2009), with the main phase of eruptions
(accounting for 80% of the total eruptive volume) con-
ﬁned to a 750 kyr interval in the latest Maastrichtian and
early Danian, with a peak in eruptive activity occurring in
magnetochron C29R close to the K–Pg boundary
(Robinson et al., 2009; Schoene et al., 2015; Renne et al.,
2015). An estimated >1.3  106 km3 of lava was erupted
from the Deccan Traps, with total volatile emissions gener-
ally thought to be high compared to other LIPs (totals of
3.5–6.5  106 Mt SO2, 1.4  107 Mt CO2, and 1  106 Mt
Cl respectively) (Self et al., 2014). Individual eruptions
probably occurred as short-lived pulses, and Callegaro
et al. (2014) suggested that each 1 km3 of Deccan lava
erupted would outgas 8 Mt of SO2. The potential for envi-
ronmental change resulting from release of these volatiles is
still debated (Schmidt et al., 2016; Tobin et al., 2017).
The lack of signiﬁcant excursions in the CAS record dur-
ing the stratigraphic interval correlated to C29R below the
K–Pg boundary on Seymour Island (930–1007 m) (Fig. 8),
suggests Deccan eruptions did not perturb the seawater sul-
fate reservoir signiﬁcantly. Assuming the volumes and ﬂux
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Deccan eruptions would equate to 5.02  106 MT of S,
which equates to 1.57  1017 mol S. This is large, but is
not likely to inﬂuence the much larger oceanic reservoir,
even at lower Cretaceous seawater concentrations. Assum-
ing Deccan sulfur had an isotopic composition of 0‰, an
average d34S of 18‰ for the isotopic composition of late
Maastrichtian seawater, and with a seawater concentration
of 2 mM (2.9  1018 mol S) (see Section 6.2 below for dis-
cussion of this estimate), then mass balance yields a poten-
tial change of less than 1‰ to the d34S of seawater by
Deccan eruptions alone.
An indirect forcing via CO2 induced climate warming in
the late Maastrichtian is plausible, and such a warming
event is recorded globally in the last few hundred thousand
years of the Maastrichtian, apparently coincident with the
main phase of Deccan eruptions (e.g. Henehan et al.,
2016; Barnet et al., 2017). Evidence for this event at high
latitudes has also been recorded from the Lo´pez de Berto-
dano Formation (Tobin et al., 2012; Bowman et al., 2013;
Petersen et al., 2016). Climate forcing could aﬀect the glo-
bal sulfur cycle via thermal expansion of the oceans and
an increase in the area available for pyrite burial, and/or
by decreased oxygen solubility leading to the temporary
expansion of anoxic conditions. However, there is relatively
little evidence for the development of these conditions dur-
ing or after the Deccan warming event, and minimal pertur-
bation to the global carbon cycle (Voigt et al., 2012; Barnet
et al., 2017). In addition, the increase in d34SCAS values in
our dataset occurs prior to chron C29R and the onset of
Deccan main phase eruptions based on recent radiometric
dates (Schoene et al., 2015; Renne et al., 2015; Barnet
et al., 2017). A volumetrically small, earlier phase of Dec-
can volcanism may have occurred during chron C30N
(Chenet et al., 2009; Keller et al., 2016), but there is little
or no evidence that this caused any perturbation to global
climate (e.g. Thibault, 2016).
6.1.2. d34SCAS at the K–Pg boundary – links to impact, mass
extinction and recovery
The d34SCAS values also appear to show little change at
the K–Pg boundary, but a positive peak in CAS values
(+19.6‰) is reached 10 m (50–100 kyrs) above the bound-
ary and mass extinction interval on Seymour Island (Figs. 8
and 9). Sulfur release from the Chicxulub impact event
coincident with the K–Pg boundary itself (Arenillas et al.,
2004; Renne et al., 2013) therefore appears to have had a
negligible eﬀect on seawater d34S. The impact site on the
Yucata´n Peninsula was a shallow-water, carbonate plat-
form underlain by signiﬁcant (1 to more than 3 km-thick)
Cretaceous evaporite and dolomite deposits (Sigurdsson
et al., 1991; Brett, 1992). Volatilization of this sulfur follow-
ing shock decomposition (Prescher et al., 2011), would lead
to rapid release of sulfate aerosols and other gases into the
atmosphere (Pierazzo et al., 1998; Pierazzo et al., 2003;
Ohno et al., 2014). CO2 release may have been exacerbated
by biomass burning and atmospheric soot injection
(Bardeen et al., 2017). Most recent estimates suggest the
impact released 325 ± 130 Gt of sulfur and 425 ± 160 Gt
of CO2 along with signiﬁcant amounts of water vapour,although the precise amount of material involved in volatile
release is problematic due to a lack of precise constraint
over the volume of sulfur-bearing materials excavated by
the impact (Pierazzo et al., 1998; Artemieva et al., 2017).
Models suggest that following an initial ‘heat pulse’
(Robertson, et al., 2013), a rapid and severe cooling of sur-
face and ocean temperatures lasting decades to hundreds of
years occurred in the earliest Paleocene (Kring, 2007;
Robertson et al., 2013; Brugger et al., 2017). Debate contin-
ues as to the amount of time taken for fallout of sulfur-rich
material from the atmosphere (e.g. Ohno et al., 2014), but
this may have led to deposition of acid rain and potentially
transient ocean acidiﬁcation (D’Hondt et al., 1994;
Maruoka et al., 2002; Tyrrell et al., 2015).
Despite these dramatic events, which could represent
important kill mechanisms during the mass extinction
event, the likelihood of sulfur release from the Chicxulub
impact event inﬂuencing the d34S record depends primarily
on the nature of the volatilized target rocks. The isotopic
composition of sulfur-bearing lithologies from the Yucata´n
Peninsula is fortuitously provided in the compilation of
Claypool et al. (1980) and has also been estimated based
on the d34S values of impact melt glasses from the K–Pg
boundary in Haiti (e.g. Sigurdsson et al., 1992). These
sources suggest the early–late Cretaceous evaporitic and
limestone sequences underlying the crater have d34S values
ranging between 13‰ and 18‰ (Claypool, 1980), reﬂect-
ing their Cretaceous seawater source (e.g. Paytan et al.,
2004; Gomes and Hurtgen, 2016). Impact melt glasses show
more variable values down to as low as 1.5‰, implying con-
tribution of isotopically light sulfur from crustal rocks and/
or the impactor itself (Sigurdsson et al., 1992; Chaussidon
et al., 1996), but the volume of material that could be
attributed to these sources is diﬃcult to quantify on a glo-
bal scale (e.g. Toon et al., 2016). Importantly, because the
isotopic composition of the target rocks is close to contem-
poraneous Cretaceous seawater, it appears there is rather
limited scope for the Chicxulub impact to directly alter glo-
bal d34S values despite the rapid release into the Earth sys-
tem, and signiﬁcantly lower than modern seawater
concentrations (see Section 6.4 below). We suggest that sec-
ondary processes, notably redox and carbon cycle changes
operating in the aftermath of the impact and mass extinc-
tion event, appear to have been signiﬁcantly more impor-
tant in terms of aﬀecting the global sulfur cycle.
Kajiwara and Kaiho (1992) and Kaiho et al. (1999) sug-
gested the development of a low oxygen interval in the
immediate aftermath of the marine mass extinction event,
based on rapid positive excursions in d34SSulﬁde and d
34SCAS
at the K–Pg boundary in sections from Japan (Kawaruppu)
and Spain (Caravaca) (Fig. 9B and C). Kaiho et al. (1999)
bulk rock CAS data ﬂuctuates from values of +15‰ to
+22‰ across the K–Pg boundary (Fig. 9C). These data
are from a thin (80 cm) stratigraphic interval; representing
a very short time interval in the latest Maastrichtian and
early Danian. The d34SSulfate values also rise during the ear-
liest Danian at Caravaca where additional trace metal prox-
ies have conﬁrmed this low oxygen event, but suggest it was
conﬁned to the ‘impact layer’ of fallout located directly at
the K–Pg boundary (stratigraphic extent of 1 mm) and
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2013). Maruoka et al. (2002) described positive excursions
in d34S and increased C/S ratios from two terrestrial K–
Pg boundary sites in the US Western Interior which
occurred over similar short timescales to the marine
records. They attributed these excursions to a high input
of sulfate into terrestrial wetlands, either directly from
deposition of (34S enriched) ejecta, or a short-lived period
of acid rain deposition which caused the temporary devel-
opment of anoxic conditions. Most evidence from both
marine and terrestrial records therefore points towards a
general positive excursion in sulfur isotope values in the
immediate aftermath of the Chicxulub impact event.
Attempted comparison between Seymour Island and
contemporaneous lower latitude marine sulfur isotope K–
Pg datasets is shown in Fig. 9. Absolute correlation is not
possible beyond the known position of the K–Pg boundary
due to the lack of datum levels for direct correlation. Mag-
netochron reversals are also used as tie-points from Sey-
mour Island, but both published datasets come from a
short interval in chron C29R. Published age models
(Kaiho and Saito, 1986; Arenillas et al., 2004) would sug-
gest the perturbations to the sulfur cycle recorded at the
K–Pg boundary are conﬁned to the P0 (Guembelitria cre-
tacea) foraminiferal biozone in both Spain and Japan, with
a suggested duration of 18–21 kyrs of the early Paleocene
(Arenillas et al., 2004). This is also true for the terrestrial
sulfur isotope dataset of Maruoka et al. (2002). Using pub-
lished age models from the Lo´pez de Bertodano Formation
(Tobin et al., 2012; Bowman et al., 2013; Witts et al., 2016),
an equivalent interval on Seymour Island would likely
bracket a 4 m-thick glauconite-rich interval immediately
above the K–Pg boundary (Fig. 9), although this must also
be regarded as a tentative correlation given the fact that
such horizons may represent intervals of slow sedimenta-
tion or be associated with lateral facies boundaries
(Bowman et al., 2016).
Additional evidence for transient anoxic conditions after
the K–Pg boundary have been described from several sites,
but there is limited evidence for a signiﬁcant anoxic event
globally (e.g. Alegret and Thomas, 2005; Schoepfer et al.,
2017). A short-lived expansion of oxygen minimum zones
globally following the extinction is possible, due to either
a ﬂux of organic material and mass die-oﬀ, or collapse of
the biological pump (D’Hondt, 2005) and enhanced rem-
ineralization of organic matter in the photic zone
(Vellekoop et al., 2017). Similarly, short-lived changes in
global ocean circulation following the impact winter could
also have contributed to this phenomenon, although this is
not well quantiﬁed (Brugger et al., 2017). Evidence from the
size distribution of pyrite framboids and trace element
enrichments in bulk sediment provide evidence for ﬂuctuat-
ing benthic redox conditions in the post-boundary interval
in Antarctica (Witts et al., 2016; Schoepfer et al., 2017).
This same stratigraphic interval also contains abundant
articulated and disarticulated ﬁsh remains; the only such
horizon on Seymour Island (Zinsmeister, 1998). This
appears to indicate the temporary development of harsh
conditions in the water column and on the sea ﬂoor in
Antarctica during the immediate aftermath (initial 10 skyrs) of the mass extinction, and it is therefore plausible
that the ﬁnal increase in d34SCAS values above the K–Pg
boundary on Seymour Island was driven by a global rapid
increase in anoxic deposition and pyrite burial in the earli-
est Paleocene.
Following a 30 m stratigraphic gap in our data due to
elimination of samples considered to be diagenetically
altered, a rapid negative excursion of 3–4‰ in d34SCAS
occurs in the early Paleocene. Values of d34SCAS values then
return to a pre-extinction baseline of 17–19‰, like those
of the late Maastrichtian (Fig. 8; Fig. 9A). This drop and
recovery occurs entirely within a stratigraphic interval that
is correlated to magnetochron C29R, and therefore 320
kyrs following the K–Pg (Tobin et al., 2012; Bowman
et al., 2013; Witts et al., 2016). In interpreting this dramatic
trend it is important to note that of the various models for
the nature of the post-K–Pg ocean, a signiﬁcant reduction
in organic carbon burial would be most likely to impact sig-
niﬁcantly on the global sulfur cycle in this way, due to the
importance of organic carbon as an electron donor in the
process of MSR and subsequently, pyrite formation. The
negative excursion in d34SCAS in the early Paleocene fol-
lowed by a rapid recovery could therefore be the result of
a signiﬁcant decrease in pyrite burial associated with a large
drop in carbon burial globally, as suggested by the collapse
of the deep-sea carbon isotope gradient and weakening of
the biological pump (Kump, 1991; D’Hondt, 2005;
Esmeray-Senlet et al., 2015).
The lack of an immediate sulfur cycle response at the K–
Pg boundary itself therefore reﬂects the time taken to move
reactive organic carbon through the zone of early diagene-
sis in marine sediments, since this is the primary control on
pyrite sulfur burial ﬂux. Despite the sudden reduction of
carbon ﬂux and subsequent burial following the mass
extinction (e.g. D’Hondt, 2005; Esmeray-Senlet et al.,
2015), pre-boundary reactive organic carbon would still
be available for pyrite formation into the earliest Danian.
Only after this is exhausted would the sulfur cycle respond
with an associated decrease in pyrite burial.
6.2. Sulfur cycle box model for estimating response of
seawater d34S to potential perturbations during the early
Paleocene
To assess the validity of this hypothesis and implications
for Cretaceous–Paleocene seawater chemistry, we con-
ducted some simple box model experiments to estimate
the likely response of the sulfur cycle to changes in pyrite
burial rate and other potential causal mechanisms for this
negative excursion in the aftermath of the K–Pg mass
extinction – speciﬁcally changes in weathering rates and
the fractionation factor between seawater sulfate and coe-
val microbially-produced hydrogen sulﬁde. The long term
d34S composition of ocean sulfate can be modelled using
a simple box-ﬂux representation (e.g. Garrels and
Lerman, 1984; Berner, 1987). The boxes and ﬂuxes in our
model are shown in Fig. 10a and Table 3. Burial ﬂuxes
move sulfur from the ocean (S) to the sediments in either
reduced (modelled as pyrite, PYR) or oxidised (modelled
as gypsum, GYP) forms. Due to biological preference for
Fig. 10. Sulphur cycle box model summary. A. Boxes and ﬂuxes: Here S represents ocean sulphate, PYR represents sedimentary pyrite, and
GYP represents sedimentary gypsum. Average fractionations shown in per mil (‰ VCDT). Burial processes are labelled ‘B’, weathering and
degassing processes are labelled ‘W’. A fractionation factor of DS = 45‰ between oceanic sulphate and sedimentary pyrite is assumed. The
remaining panels show output phase spaces where the contours denote the time taken (in kyrs) for d34S of ocean sulphate to drop by 3‰, with
respect to the initial ocean sulphate concentration and a given perturbation. B. Perturbation to pyrite burial (BPYR), shown as a percentage
reduction. C. Perturbation to total sulphur weathering input (WPYR +WGYP), shown as a percentage increase. D. Perturbation to sulphur
fraction factor (DS), shown as a per mille reduction. All perturbations are applied permanently.
Table 3
Fluxes and parameters for sulfur cycle box model.
Flux Symbol Rate
Pyrite weathering WPYR Fixed at kPYR ¼ 0:7 1012mol yr1
Pyrite burial BPYR Varied in experiments
Gypsum weathering WGYP Fixed at kGYP ¼ 1 1012mol yr1
Gypsum burial BGYP kGYP SSsteady
 
Parameter Symbol Value
Ocean sulfate S Varied in experiments
Steady state ocean sulfate Ssteady Varied in experiments
Isotopic composition of S dS Predicted from model
Isotopic composition of PYR dPYR Fixed at 27‰
Isotopic composition of GYP dGYP Fixed at 18‰
Fractionation factor: sulfur DS Fixed at 45‰
36 J.D. Witts et al. /Geochimica et Cosmochimica Acta 230 (2018) 17–45the lighter sulfur isotope during microbial sulfate reduction,
buried pyrite is isotopically lighter than the seawater sulfate
it is derived from. The fractionation eﬀect is denoted DS,and is usually assumed to be constant at 45‰ (Canﬁeld,
2001) (but see Brunner and Bernasconi (2005) for discus-
sion). The isotopic composition of seawater sulfate is gov-
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fractionation factor DS, and the relative rates of pyrite and
gypsum burial and weathering. The timing of the response
of seawater sulfate d34S to changes in burial and weathering
ﬂuxes depends on sulfate concentration, with lower sulfate
concentrations permitting faster shifts in isotopic composi-
tion (e.g. Algeo et al., 2015).
Initially we ﬁx the input rates of pyrite and gypsum
(WPYR, WGYP) at present day estimates, with pyrite consti-
tuting 40% of the total sulfur ﬂux (Canﬁeld, 2013). The
gypsum burial ﬂux is assumed proportional to the ocean
sulfate concentration (Bergman et al., 2004). We run the
model from this steady state for a range of diﬀerent ocean
sulfate concentrations, and impose variation in either the
rate of pyrite burial, the overall weathering input, or the
fractionation factor DS in order to observe the timescale
and magnitude of changes in ocean d34S. The model solves
the following diﬀerential equations for the abundance and
isotopic composition of seawater sulfate:
dS
dt
¼ W PYR þ W GYP  BPYR  BGYP ð1Þ
dðS  dSÞ
dt
¼ W PYRdPYR þW GYPdGYP  BPYRðdS DSÞ  BGYPdS
ð2Þ
Eq. (1) represents the inputs and outputs of seawater
sulfate via weathering and burial processes. Eq. (2) is an
isotope mass balance for the quantity S  dS, which consid-
ers isotopic inputs and outputs. To ﬁnd the isotopic compo-
sition of seawater sulfate, we compute dS ¼ ðSdS ÞS . The
system of equations is solved in MATLAB using the
ODE suite. Full model code is available on request.
Fig. 10b shows the time taken for ocean sulfate d34S to
drop from 18‰ to 15‰ under a variety of ocean sulfate
concentrations and perturbations to the pyrite burial rate.
The model requires pyrite burial to be reduced by >15%
to drive the observed change in sulfate d34S on any time-
scale. Greater reductions in pyrite burial cause more rapid
responses from d34S. For example, assuming [SO4] = 3
mM, a 50% reduction in pyrite burial causes a 3‰ drop
in ocean d34S over around 1 million years, whereas a 90%
reduction in pyrite burial causes the same reduction over
500,000 years.
We also tested two alternative hypotheses to explain the
negative excursion, ﬁrstly via increased weathering rates,
which would bring more isotopically light sulfur into the
oceans via increased riverine input (Bottrell and Newton,
2006). Changes in global weathering rates have been
hypothesised in the aftermath of the K–Pg mass extinction,
with reports of positive excursions in strontium (Sr) isotope
values during the earliest Danian from several sites (e.g.
Martin and Macdougall, 1991; Vonhof and Smit, 1997).
These data were questioned by McArthur et al. (1998)
who suggested these spikes simply represented diagenetic
artifacts rather than increased weathering. Additional
direct evidence for weathering changes is provided by an
enigmatic short-lived 5‰ negative excursion in seawater
lithium isotopes across the K–Pg boundary (Misra and
Froelich, 2012), which was suggested to represent continen-tal denudation and acid rain-enhanced weathering on a glo-
bal scale over <0.5 myrs following the Chicxulub impact. A
global increase in weathering rates causes similar isotopic
shifts as a decrease in pyrite burial in our model (for exam-
ple a 70% increase in total weathering input produces a sim-
ilar isotopic response to a 50% reduction in pyrite burial;
see Fig. 10c). However, evidence for such large changes in
global weathering rates across the K–Pg boundary remain
to be validated by additional records, and it is unclear
whether the magnitude of change required by the model
is realistic given the available geological data.
Another way to drive negative d34S excursions is to
reduce the fractionation factor DS. This is governed by a
complex array of factors, but changes to the rate of sulfate
reduction - chieﬂy driven by the quantity and quality of
organic carbon delivery and the extent of shallow marine
environments where MSR occurs - and sulfate concentra-
tion, are probably the most relevant for the aftermarth of
the K–Pg on a global scale (e.g. Sim et al., 2011; Leavitt
et al., 2013). Fig. 10d plots the model response to decreas-
ing DS below its 45‰ default, and shows that both a reduc-
tion of more than 20‰ and a very low sulphate
concentration (<1 mM) are required to replicate the
observed changes over 300 kyrs.
DecreasedDS values are usually associatedwith increased
MSR rates and increased input/availability of labile organic
matter, whereas the loss of quantity and quality of organic
carbon burial typically leads to decreased MSR rates, and
an increase in fractionation and DS values (Leavitt et al.,
2013). It is diﬃcult to reconcile decreasing DS as an explana-
tion for the negative excursion in d34SCAS with available evi-
dence for primary paleoceanographic conditions following
the K–Pg mass extinction. As previously mentioned, the
earlyDanian saw a general decrease in organic carbon export
and bural (Hsu¨ andMcKenzie, 1985; Kump, 1991; Esmeray-
Senlet et al., 2015), and while primary production itself
recovered rapidly, perhaps driven by groups such as
dinoﬂagellates or cyanobacteria (Sepu´lveda et al., 2009),
the massive extinctions of groups at the base of the oceanic
food chain probably also changed the nature (and therefore
lability) of organic carbon being exported in earliest Pale-
ocene oceans (Alegret et al., 2012; Vellekoop et al., 2017).
Such a scenario might be expected to lead to decreased rates
ofMSR on a global scale. In terms of changes to sulfate con-
centrations, whilst it is possible to calculate potential values
for the latest Cretaceous and earliest Paleocene ocean based
on the rate of change in our dataset (see Section 6.4 below),
there is little or no data for signiﬁcant changes in concentra-
tion across the K–Pg boundary which could have driven
changes in DS. For example, bulk rock d34SCAS and d
34SPyrite
data from Caravaca show similar DS values either side of the
aforementioned perturbation at the boundary itself (Kaiho
et al., 1999).
Although the available geological data and our mod-
elling studies support the reduction in organic carbon burial
following the K–Pg mass extinction as the primary mecha-
nism behind the changes we see in the d34SCAS record from
Seymour Island, we cannot rule out a subsidiary role for
contributions from an increased weathering ﬂux based on
the results of box modelling studies. It is important to point
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the observed changes in our isotope record. Changes to DS
could also plausibly act in concert with these two drivers,
but this is considered less likely given the evidence outlined
above.
6.3. Implications for latest Cretaceous and early Paleocene
seawater sulfate concentrations
To produce a 3‰ reduction in ocean d34S over 300
kyrs, in line with our data (and the assumption that the sig-
nal is global), requires an ocean sulfate concentration of <2
mM, regardless of the reduction in pyrite burial rate or any
reasonable modiﬁcation to other parameters in our box
model. The ‘rate method’ of Algeo et al. (2015) derives a
sulfate concentration of 2–5 mM under the same timescale
constraints. Our reduction in the lower limit derives from
the system dynamics – ocean sulfate concentration begins
to increase in the model as the pyrite burial sink is restricted
(or as the weathering input is increased), causing an
increase in the rate of deposition of gypsum (Fig. 11). BothFig. 11. Examples of time-dependent model runs, with perturba-
tion occurring at t = 0. A. Ocean sulfate inventory. B. Ocean
sulfate d34S. As in Fig. 10, note that both [SO4] and the degree of
change in pyrite burial impact the timeframe of the d34S response.feedbacks tend to buﬀer against rapid changes in d34S, and
thus a lower sulfate concentration is estimated here than by
the rate method. The primary implication of all modelled
scenarios is therefore that early Paleocene seawater sulfate
concentrations must have been an order of magnitude
lower than in the modern to achieve the isotope excursion
implicated by the data presented here.
Estimates of seawater sulfate concentrations from
sparse ﬂuid inclusion data suggest values ranging as low
as 5 mM to as high as 23 mM for the Cretaceous to early
Cenozoic time interval (Horita et al., 2002; Lowenstein
et al., 2003; Timofeeﬀ et al., 2006; Brennan et al.,
2013). Modelling studies using a variety of methods indi-
cate values for the Maastrichtian of 5 mM (Wortmann
and Paytan, 2012), 11 mM (Berner, 2004), or 15 mM
(Demicco et al., 2005), all signiﬁcantly lower than the
present day. Recent work by Hall et al. (2016) found evi-
dence for a strong, unequivocal, methane-derived DIC
signal in the form of large-amplitude annual cycles of car-
bon isotopic variability in molluscan carbonate taken
from the same Cretaceous–Paleocene stratigraphic sec-
tions on Seymour Island. These authors suggest that the
increased importance of methanogenesis and methanotro-
phy in inﬂuencing the isotopic composition of bottom
water DIC, is only possible because of lower-than-
modern seawater sulphate concentrations. Our estimate
of low sulfate concentration is therefore consistent with
this hypothesis, but indicate that the release of substantial
methane derived DIC would perhaps not become promi-
nent until sulfate concentrations fall to the lower end of
the range of estimates for the latest Cretaceous and early
Paleogene (e.g. Horita et al., 2002; Brennan et al., 2013;
Wortmann and Paytan, 2012).
6.4. Recovery of biogeochemical cycles and biodiversity in the
early Paleocene: biosphere-geosphere links?
Based on linear interpolation of sedimentation rates
and correlation with the magnetostratigraphic record of
Tobin et al. (2012), the timing of the subsequent rapid
rise in d34SCAS to values close to pre-extinction ‘back-
ground’ occurs close to the base of magnetochron
C29N, 320 kyrs after the K–Pg boundary (Fig. 12).
On a global scale, this time interval encompasses the ini-
tial recovery of the surface-deep water carbon isotopic
gradient in the deep ocean (Stage 1–2 boundary of
Birch et al. 2016 see also Coxall et al., 2006), and is also
characterised by stabilising diversity in benthic foraminif-
eral faunas (Alegret and Thomas, 2007) and initial recov-
ery of calcareous nannoplankton ﬂoras, which are
severely aﬀected (>90% extinction) at the K–Pg boundary
(Jiang et al., 2010). Intriguingly, it also corresponds with
the short-lived ‘Dan-C2’ hyperthermal event recorded as
a series of short, but prominent negative carbon isotope
excursions in deep sea and land-based sections
(Coccioni et al., 2010) although any link between the
two has not been established.
On Seymour Island, sulfur cycle recovery also coincides
with the stratigraphic interval where species richness (alpha
diversity) in benthic molluscan faunas (bivalves and gas-
Fig. 12. Correlation of sulfur and carbon cycle records and associated events in the early Paleocene. A: d34SCAS data from this study through
the uppermost Lo´pez de Bertodano Formation (Seymour Island) correlated to magnetostratigraphy of Tobin et al. (2012), ages of chron
reversals from GTS2012 (Gradstein et al., 2012). For explanation of symbols in A see Fig. 9. B: Foraminiferal and bulk carbon isotope records
from ODP Site 1262 (Walvis Ridge, central Atlantic). Age model from Dinare`s-Turrell et al. (2014). i = carbon isotope data from planktonic
and benthic foraminifera across the K–Pg boundary from Birch et al. (2016), showing collapse of surface-deep water carbon isotope gradient.
Coloured lines represent diﬀerent species of foraminifera: N. truempyi = Nuttalides, H.holmdelensis = Hedbergella, G. falsostuarti =
Globotruncana, S. trivalis = Subbotina, Pr. taurica = Praemurica. ii = bulk carbon isotope data from Kroon et al. (2007) showing decrease
coincident with the K–Pg boundary and mass extinction. Stage 1/2 boundary of Birch et al. (2016) marks the initial recovery of the carbon
isotope gradient between surface and deep waters, (increase in export productivity) and coincides temporally with recovery of the Seymour
Island d34SCAS dataset to pre-extinction values. Dashed grey lines mark tentative correlation between magnetostratigraphic tie-points. (For
interpretation of the references to colour in this ﬁgure legend, the reader is referred to the web version of this article.)
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tion, with the immigration of new species of gastropods
from South America (Crame et al., 2014; Witts et al.,
2016) (Fig. 12). This precedes full recovery of the marine
fauna, which takes place in the overlying Danian-age
Sobral Formation (Bowman et al., 2016). Taken together,
these various data would suggest close links between stabil-
isation of carbon and sulfur cycling, and marine ecosystem
recovery following the K–Pg extinction event. This provides
some support for general models of post-extinction ecosys-
tems which closely link processes in both the biosphere and
geosphere (e.g. Hull, 2015).
To summarise, the data presented herein suggests a
reduction in export productivity and decrease in organic
carbon burial, perhaps accompanied by an increased weath-
ering ﬂux over several 100 kyrs following the K–Pg bound-
ary, leading to a concomitant decline in global pyrite burial
and decrease in ocean sulfate d34S as light weathered sulfate
continues to be added to the system. About 320 kyrs after
the mass extinction, the biological system starts to recover
on a global scale, and carbon export to the deep ocean
increased. Global pyrite burial ﬂux therefore increases in
concert with the restoration of the organic carbon ﬂux tothe sea-ﬂoor, and re-exerts its inﬂuence on the isotopic
composition of seawater sulfate, driving it back towards
pre-extinction values.
7. CONCLUSIONS
 We present the highest resolution seawater sulfate
record ever generated for this time interval, for the ﬁrst
time revealing changes to the global sulfur cycle before,
and after the K–Pg mass extinction event.
 Detailed assessment of sample preservation and ﬁdelity
of the record suggest factors aﬀecting preservation of
primary seawater CAS isotopes are complex and not
necessarily linked to the preservation of original carbon-
ate mineralogy or chemistry. A greater examination of
the inﬂuence of local pore water chemistry and biogeo-
chemical processes in driving changes to sulfur cycle
proxies such as CAS should be considered before any
primary record is interpreted.
 This study provides clear evidence of the inﬂuence of
pyrite oxidation on CAS isotope compositions, and
emphasises the importance of d18OCAS as a tool for
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trace elements and carbonate carbon and oxygen iso-
topes indicate this process is decoupled from the normal
indicators of carbonate preservation.
 Interpretation of the primary record and comparison
with contemporaneous environmental changes reveals
evidence for a relatively stable sulfur cycle in the early
to mid-Maastrichtian (69 Ma).
 A +4‰ shift in d34SCAS suggests an enigmatic late
Maastrichtian increase in pyrite burial, possibly decou-
pled from global carbon cycle changes in the late
Maastrichtian-earliest Danian by low ocean sulfate con-
centrations. This record may be partly inﬂuenced by
short term ocean anoxia immediately following the K–
Pg boundary.
 There is no evidence of the direct inﬂuence of Deccan
volcanism on the seawater sulfate isotopic record during
the late Maastrichtian, nor for direct inﬂuence by the
Chicxulub impact. This is probably due to the buﬀering
eﬀect of a large seawater reservoir, and because
carbonate-rich target rocks for the impact were not suf-
ﬁciently isotopically distinct from contemporaneous
seawater.
 Changes to the carbon cycle linked to the K–Pg mass
extinction event also aﬀected the global sulfur cycle.
This is recorded in a prominent negative excursion in
sulfate-S isotopes during the earliest Paleogene (66–
65.7 Ma). Based on geological evidence for early Pale-
ocene oceanographic conditions, this excursion was
likely driven by the collapose in export productivity,
a drop in organic carbon burial and an associated
decrease in pyrite burial on a global scale. Box mod-
elling supports this hypothesis, but suggests that an
increase in the weathering ﬂux following the K–Pg
boundary may have also contributed to the develop-
ment of this excursion.
 Box modelling results further suggest that to produce a
3‰ reduction in ocean d34S over 300kyrs, in line with
our early Paleocene data and regardless of driving mech-
anism, requires an ocean sulfate concentration of <2
mM, supporting the hypothesis that Cretaceous and
early Paleogene seawater sulfate concentrations were
signiﬁcantly lower than the modern.
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